The lithosphere-asthenosphere boundary (LAB) is a first-order structural discontinuity that accommodates differential motion between tectonic plates and the underlying mantle. Although it is the most extensive type of plate boundary on the planet, its definitive detection, especially beneath cratons, is proving elusive. Different proxies are used to demarcate the LAB, depending on the nature of the measurement. Here we compare interpretations of the LAB beneath three well studied Archean regions: the Kaapvaal craton, the Slave craton and the Fennoscandian Shield. For each location, xenolith and xenocryst thermobarometry define a mantle stratigraphy, as well as a steady-state conductive geotherm that constrains the minimum pressure (depth) of the base of the thermal boundary layer (TBL) to 45-65 kbar (170-245 km). Hightemperature xenoliths from northern Lesotho record Fe-, Ca-and Ti-enrichment, grain-size reduction and globally unique supra-adiabatic temperatures at 53-61 kbar (200-230 km depth), all interpreted to result from efficient advection of asthenosphere-derived melts and heat into the TBL. Using a recently compiled suite of olivine creep parameters together with published geotherms, we show that beneath cratons the probable deformation mechanism near the LAB is dislocation creep, consistent with widely observed seismic and electrical anisotropy fabrics. If the LAB is dry, it is probably diffuse (N 50 km thick) and high levels of shear stress (N2 MPa or N 20 bar) are required to accommodate plate motion. If the LAB is wet, lower shear stress is required to accommodate plate motion and the boundary may be relatively sharp (≤20 km thick). The seismic LAB beneath cratons is typically regarded as the base of a high-velocity mantle lid, although some workers infer its location based on a distinct change in seismic anisotropy. Surface-wave inversion studies provide depth-constrained velocity models, but are relatively insensitive to the sharpness of the LAB. The S-receiver-function method is a promising new seismic technique with complementary characteristics to surface-wave studies, since it is sensitive to sharpness of the LAB but requires independent velocity information for accurate depth estimation. Magnetotelluric (MT) observations have, for many decades, imaged an "electrical asthenosphere" layer at depths beneath the continents consistent with seismic lowvelocity zones. This feature is most easily explained by the presence of a small amount of water in the asthenosphere, possibly inducing partial melt. Depth estimates based on various proxies considered here are similar, lending confidence that existing geophysical tools are effective for mapping the LAB beneath cratons.
Introduction
The lithosphere is a rigid mechanical boundary layer at the Earth's surface. It is underlain by a weak layer (the asthenosphere), which is characterised by pervasive plastic deformation (solid-state creep) on time scales of tens of thousands of years. The rheological concepts of lithosphere and asthenosphere originated from studies of post-glacial rebound (Barrell, 1914) , but have since been incorporated into the platetectonic paradigm as fundamental components. In this paradigm, the lithosphere is composed of discrete plates and the lithosphereasthenosphere boundary (LAB) separates each plate from the underlying convecting mantle. The LAB thus constitutes a detachment zone that comprises the most extensive type of plate boundary on the planet, underlying both oceanic and continental regions.
Although the LAB is an active plate boundary, beneath the continents it is relatively cryptic compared to other first-order structural subdivisions of the Earth. Specimens of the LAB and environs, in the form of xenoliths and xenocrysts brought to the surface in alkaline magmas such as kimberlite, are sparsely and unevenly distributed and, as argued below, virtually nonexistent beneath cratons. Furthermore, since the differential motion between lithosphere and asthenosphere is generally accommodated aseismically, there is no seismological technique to map the LAB directly. In addition, global gravity observations show that the lithosphere is approximately in large-scale isostatic equilibrium (Shapiro et al., 1999) , rendering long-wavelength gravity inversion ineffective as a mapping tool. These limitations have spawned many indirect proxies for the LAB (Fig. 1) that depend, in a practical sense, on the type of measurement made. These proxies are derived from disparate types of observations, including petrologic, geochemical, thermal, seismic-velocity, seismic-anisotropy and electrical-conductivity characteristics of the LAB and regions directly above and below it.
Various lines of evidence (e.g., Jordan, 1975 Jordan, , 1978 Hoffman, 1990; Forte and Perry, 2001) suggest that the lithosphere is thickest, strongest and most refractory within the ancient (N1 Ga) nuclei of continents (cratons). Mapping the LAB beneath cratons is important, since it is an essential constraint for models of the formation and evolution of continents. Moreover, thick lithospheric roots (sometimes referred to as tectosphere) beneath cratons appear to exhibit large variations in thickness (Artemieva and Mooney, 2002) and are likely to represent areas where the plates are most strongly coupled to mantle flow (Conrad and Lithgow-Bertelloni, 2006) . Consequently, detailed models of mantle convection depend on accurate knowledge of the topology of the LAB. Finally, the continental-scale distribution of scientifically and economically important diamondiferous kimberlites may be partly controlled by the LAB topology (Griffin et al., 2004) and deep structure within the lithosphere (Stubley, 2004) .
The LAB is particularly elusive in cratonic regions. Every proxy for inferring the character and depth of the LAB comes with its own set of assumptions and limitations, and the relationships between the different proxies are controversial and poorly understood. The purpose of this paper is to review and attempt to understand the difference between results from a number of widely used methods to characterise the LAB. We focus on three well studied Archean cratons in southern Africa, northern Canada and Finland, respectively (Fig. 2) , where the LAB has been investigated independently using several different methods. The objectives of this study are: 1) to evaluate critically a number of widely used proxies for the LAB; 2) to compare these proxies with each other and with realistic rheological models of the "true" (i.e., mechanical) lithosphere; and, 3) to assess the extent to which different techniques sense the same feature, and if so, to document its intrinsic characteristics.
The paper is organized into sections covering the petrologic LAB and thermal boundary layer (TBL), based on xenolith and xenocryst data; the rheological LAB, based on numerical modelling of mantle creep and stress regime; the seismological LAB, based mainly on studies of surface waves and S-receiver functions; and the electrical LAB, based on magnetotelluric surveys. Since this work is, of necessity, highly multidisciplinary, terms that are italicized on first use are defined in the following glossary.
Glossary

Adiabat
An idealised curve in P-T space describing a state in which heat is neither gained nor lost. The adiabat is parameterised by its potential temperature, the temperature that would be attained by a parcel of Fig. 1 . Definition of the lithosphere and common proxies used to estimate its thickness. The lithosphere, sensu stricto, is a mechanical boundary layer (left). The lithosphereasthenosphere boundary (LAB) coincides with the top of a zone of decoupling between the lithosphere and asthenosphere, marked by an increased strain rate. The thermal boundary layer (TBL), containing a conductive lid and a transition layer, represents a near-surface region where temperature deviates from the adiabat. A zone of low seismic shear-wave velocity (Vs) is sometimes detected beneath a high-velocity lid; various definitions have been used to correlate this zone with the LAB (see text). The LAB may also correlate with a downward extinction of seismic anisotropy (e.g., Gaherty and Jordan, 1995) or a change in the direction of anisotropy (e.g., Debayle and Kennett, 2000a; 2000b; Sebai et al., 2006) . The electrical LAB is marked by a significant reduction in electrical resistivity. material if brought adiabatically to a pressure of 1 bar (0.1 MPa) without melting.
Asthenosphere
A rheological term referring to the weak mantle layer below the lithosphere.
Azimuthal anisotropy
A term that denotes a type of seismic anisotropy in which velocity is dependent on either propagation direction (often mapped using surface waves), polarization (often mapped using SKS splitting observations) or both.
Chemical boundary layer
The part of the upper mantle that is intrinsically strong as a result of melt depletion and dehydration. The presence of this layer may regulate the thickness of the thermal boundary layer (Lee et al., 2005) .
Conductive geotherm
A temperature profile in the Earth that reflects a state in which heat is transferred to Earth's surface by diffusion from the hot interior. Internal heating is also supplied by radioactive decay. A conductive geotherm is mainly parameterized by its heat flow, typically measured in mW/m 2 , but depth profiles of internal heat generation and thermal conductivity are also required to calculate the geotherm.
Craton
The core region of a continent that has remained stable on a billion-year (Ga) time scale (Hoffman, 1988) . This term also denotes large Archean domains, such as the Kaapvaal craton, as distinct from adjacent younger mobile belts. In this paper, when the term craton is used without a qualifier the first meaning is implied.
Diffusion creep
A mode of subsolidus deformation that occurs through diffusive mass transport at the molecular level between grain boundaries. Strain rate is proportional to shear stress (also known as a linear Newtonian rheology) and approximately inversely proportional to the cube of average grain size. Diffusion creep does not produce lattice-preferred orientation.
Dislocation creep
A mode of subsolidus deformation that occurs through the motion of crystalline dislocations within grains. Strain rate is a highly nonlinear function of shear stress and independent of average grain size. Dislocation creep leads to lattice-preferred orientation.
Elastic lithosphere
The mechanically strong outer shell of the Earth that can support applied loads elastically and without permanent deformation. Since all rocks are viscoelastic, that is, they behave like elastic solids under short duration of stress, but can creep if the duration of the loading exceeds the Maxwell Time (equal to the viscosity of the rock divided by its elastic moduli), the effective thickness of the elastic lithosphere depends on the residence time of the load.
Electrical asthenosphere
A conductive layer in the upper mantle often identified to coincide with a seismic low-velocity zone.
Electrical lithosphere
The outer, generally electrically resistive, layer of the Earth that coincides approximately with the lithosphere.
FO
A bulk depletion index given by 100Mg/(Mg+Fe) in olivine. Fertile asthenosphere has FO89, depleted lithosphere ranges up to FO95.
G9 and G10 garnets
Normal and low-calcium garnets used as indicators of diamondiferous kimberlites. Originally defined by Gurney (1984) based on a calciumchrome (CaO-Cr 2 O 3 ) cross-plot, this classification scheme has been refined recently by Grütter et al. (2004) . A crossplot relating olivine FO to G9 and G10 garnet compositions is introduced in Fig. 4 of this work. as well as stations SUR, BOSA and LBTB used for S-receiver functions. NL, K denote northern Lesotho and Kimberley, respectively. B. Slave craton, northern Canada, showing location of seismic (POLARIS; Chen et al., 2007) and MT (Lithoprobe; Jones et al., 2001) experiments. LdG denotes Lac de Gras. C. Archean domains of Fennoscandia, including Karelian craton and Lapland-Kola domain, showing location of the seismic (SVEKALAPKO; Bruneton et al., 2004a) and MT (BEAR; Engels et al., 2002) experiments. KK denotes Kuopio-Kaavi kimberlites. NAT denotes MT observatory used in Fig. 13 .
Kimberlite
A rare ultramafic igneous rock of mantle origin. Its low magmatic viscosity enables very rapid ascent through the lithosphere, allowing it to entrain diamonds and bring them to the surface without retrogressing to graphite.
Lattice-preferred orientation (LPO)
Also known as crystallographic preferred orientation, LPO is a microfabric caused by alignment of anisotropic mineral grains such that common crystallographic axes are roughly aligned.
Lehmann discontinuity
A global seismic discontinuity at approximately 220 km depth, which was originally proposed by Lehmann (1960) to be the sharp base of the asthenospheric low-velocity zone. More recently, this feature has been interpreted by Gaherty and Jordan (1995) as a rapid downward extinction of radial anisotropy.
Lithosphere
A rheological term referring to the strong outer shell of the Earth composed of the crust and upper part of the mantle; also called a mechanical boundary layer. The lithosphere is composed of individual, coherently translating plates. Its base may be sharp or diffuse.
Magnetotellurics
A geophysical technique which uses frequency dependent ratios of naturally occurring electric and magnetic fields at the surface of the Earth to determine the electrical electrical-conductivity structure at depth. Increasing depths of sensitivity are obtained by recording lower frequency fields.
Petrologic lithosphere
The melt-depleted part of the upper mantle, including deep portions that may be occupied dominantly by melt-metasomatised mantle rocks.
Radial seismic anisotropy
A term that denotes a type of seismic anisotropy detected using surface waves, in which inferred shear-wave velocity is higher for horizontally polarized Love waves (V SH ) than for vertically polarized Rayleigh waves (V SV ). This type of anisotropy is attributed by many authors to flow-induced shear in the asthenosphere.
Receiver-function method
A widely used seismic technique that isolates the near-station scattering response from source and path effects by deconvolving an observed seismogram (typically but not always the radial component), using the signal from another observed seismogram (typically the corresponding vertical component).
Rheological lithosphere
A representation of the lithosphere based on deformation rate and regime. Many previous studies (e.g., Dragoni et al., 1993 ) assume a uniform strain rate in order to compute a strength profile, and then define the LAB as the depth where shear strength drops below a particular value (e.g., 1 MPa). Here, we assume that stress is uniform and impose kinematic boundary conditions, based on plate motion relative to the underlying asthenosphere, to compute a strain-rate profile. We use a strain rate of 10 − 15 s − 1 to delineate the lithosphereasthenosphere boundary (LAB).
Seismic anisotropy
A variation in seismic wavespeed as a function of propagation direction or polarization.
Seismological lithosphere
The generally high-velocity outer layer of the Earth, approximately coincident with the lithosphere, which typically overlies a lowvelocity zone. Some studies associate the LAB with a distinct change in seismic anisotropy.
Tectosphere
A term introduced by Jordan (1981) to denote mantle material that translates more-or-less coherently beneath cratons on billion-year (Ga) time scales, emphasizing the nature of continents as chemical boundary layers. The term does not connote strength and so is not equivalent to the lithosphere. Jordan (1981) proposed that the tectosphere may be considerably thicker than the lithosphere beneath cratons, up to ∼400 km.
Thermal boundary layer (TBL)
A thermal transition layer at the top (or base) of a convecting system. Here, the TBL signifies a surface layer whose geotherm deviates from the adiabat.
Thermal transition layer
A term used here to signify a depth interval with a geotherm that is intermediate between conductive and adiabatic.
Viscosity
A measure of resistance of a material to flow. Viscosity exhibits the largest natural variation of any geophysical parameter, more than 30 orders of magnitude. SI units of viscosity are Pa s.
The xenolith and xenocryst record
Thermobarometric techniques developed for xenoliths since the mid-1970s have validated stratigraphies for cratonic lithosphere that extend to almost 250 km depth. Such stratigraphies commonly exhibit coarse-textured peridotites that equilibrated near conductive pressure-temperature conditions and are replaced at depth by hightemperature, dynamically recrystallized peridotites with finer-grained "sheared" textures (e.g., Finnerty and Boyd, 1987) .
Northern Lesotho xenoliths: the thermobarometric basis for mantle stratigraphy
Mantle xenoliths from northern Lesotho (Fig. 3) provide an oftcited type section that defines a classic stratigraphy of cratonic lithospheric mantle. In recrystallized, high-temperature peridotites at this locality, Fe/Mg-, Al/Cr-and Ca-depleted samples with typically "lithosphere-like" compositions and coarse textures are transformed to "asthenosphere-like" compositions by infiltration of Fe, Ca, Al, Ti and other incompatible elements (Smith and Boyd, 1989; Griffin et al., 1996) . Most modern geobarometers predict depths for these hightemperature xenoliths that are too shallow to be compatible with a single conductive geotherm ( Fig. 3 ; Finnerty, 1989) . This suggests that these high-temperature samples have been thermally disturbed.
Reviews by Brey and Kohler (1990) , Taylor (1998) and Smith (1999) outline a number of complications that may arise when applying thermobarometers to such xenolith suites. For example, one-sigma errors of ±3 kbar and ±50°C are commonplace, resulting in estimates for the thickness of the TBL that differ by up to 5 to 30 km at any given xenolith locality (cf. Table 1 in Michaut et al., 2007) . Here, we adopt the Al-in-orthopyroxene barometer of Nickel and Green (1985) and the well-calibrated enstatite-in-clinopyroxene thermometer of Nimis and Taylor (2000) . For northern Lesotho, this combination yields conductive P-T conditions up to ∼45 kbar (∼170 km) and ∼1050°C. Peridotites with depleted composition (i.e., with olivine Mg# N0.92 or orthopyroxene Mg# N0.93) occur at temperatures up to ∼1250°C, but are rarely considered "lithosphere" because they frequently carry a metasomatic overprint of asthenospheric affinity (e.g., O'Reilly and Griffin, 2006) . The same material is commonly thermally disturbed and should be viewed as occupying a thermal transition layer overlying the asthenosphere, at least for timescales equivalent to the relaxation of thermal anomalies near the base of the lithosphere (N 100 Ma; Eaton and Frederiksen, 2007) .
A globally unique record of supra-adiabatic temperatures occurs in deformed xenoliths from a number of northern Lesotho kimberlites (Fig. 3) . A few of these xenoliths contain fertile, pyrolite-like bulk-rock and mineral compositions (e.g., olivine with Mg# 0.89) and could represent the only known samples that approach compositional and thermal requirements for "asthenosphere" beneath cratonic lithosphere.
Northern Lesotho xenocrysts: expanding the data set
Due to their abundance in heavy-mineral concentrates, xenocrysts of garnet and clinopyroxene provide a statistically robust and efficient means to survey mantle materials entrained by kimberlites. Garnets are the minerals of choice in this application, because their major-element compositions are diagnostic of a large range of mantle rock types (e.g., Sobolev et al., 1973; Grütter et al., 2004) and single-mineral thermobarometry techniques are applicable to the Cr-pyrope varieties that occur in depleted peridotite (see O'Reilly and Griffin, 2006 for a recent summary with applications). Most public-domain garnet xenocryst data sets lack the detailed trace-element compositions required to apply Ni- Fig. 3 . Variation of thermobarometry results for garnet lherzolite xenoliths from North Lesotho kimberlites, as a function of different barometer(s) combined with the same thermometer. Pressures (P, kbar) are calculated using four common pyroxene-barometry formulations (abbreviated P NT00, P MC74, P BKN, P NG85) at a fixed temperature (Temp,°C) for each xenolith. For uniformity the Al,Cr-in-pyroxene barometer of Nickel and Green (1985, abbreviated P NG85) and the clinopyroxene-solvus thermometer of Nimis and Taylor (2000, abbreviated T NT00) are used in the remainder of this paper. Model conductive geotherms labelled 35, 40, 45 and 50 are after Pollack and Chapman (1977) and terminate in a mantle adiabat with Tp = 1300°C. The graphite/diamond equilibrium (solid line terminated by diamond symbols) is that of Kennedy and Kennedy (1976) . Xenolith data sources and thermobarometry techniques and abbreviations are given in Grütter and Moore (2003). in-garnet thermometry. Hence, we use a combination of garnet majorand minor-element techniques (after Grütter et al., 1999; that permit representation of lithosphere sections in terms of temperature, mineral assemblage, garnet geochemistry and the Mg-number (or forsterite content) of mantle olivine.
Some important geochemical features of garnets in cratonic xenoliths are shown in Fig. 4 . Lherzolite-hosted G9 garnets dominantly occur with FO91 to FO93 olivine, substantially more magnesian than olivine in basalthosted xenolith suites (FO89 to FO91) and "asthenospheric" olivine (∼FO89). Low-Ca G10 garnets, long considered the uniquely distinctive index mineral of diamond-facies cratonic lithosphere (e.g., Boyd and Gurney, 1982) , coexist with FO92.5 to FO95 olivine and invariably have TiO 2 b 0.2 wt.%. The depth distribution and relative abundance of Ti-poor and Ti-enriched Cr-pyrope garnets indicate the extent to which depleted lithospheric peridotite has been modified geochemically, a process normally observed to occur in association with dynamic recrystallisation crystallization inside the thermal transition layer.
Garnet xenocrysts from northern Lesotho kimberlites closely mirror the described xenolith suite compositionally, and expand the range to higher TiO 2 , lower CaO and higher Cr 2 O 3 (Fig. 5) . Distinctively cratonic G10 garnets occur at P∼46.7 kbar (using the minimum-pressure barometer of Grütter et al., 2006) and temperatures up to T∼1190°C (using T-Mn, an updated version of the Mn-thermometer of Grütter et al., 1999) . Peridotite with Mg-rich olivine (FO N 92) dominates the section at 550-1080°C, but diminishes at higher temperatures and is effectively absent at TN 1230°C (Fig. 5 ). High-Ti garnet (with TiO 2 N 0.4 wt.%) and Fe-enriched olivine (FO89 to FO91) are significant in the section at TN 880°C and are dominant over the interval 1080 to 1230°C.
The combined xenolith and xenocryst data set permits placement of a thermal transition layer with unquestionably relict cratonic compositions at 1080 to 1230°C, corresponding roughly to the interval 47 to 51 kbar (180-195 km) on the disturbed northern Lesotho geotherm (arrows in Fig. 5 ). The entire mantle section at higher temperature and pressure is apparently occupied by "asthenosphere-like" melt-metasomatised peridotite with dynamically recrystallized textures. The preservation of highly depleted Os characteristics and Archean Re-depletion model ages in these modified rock types indicates billion-year stability, most likely as part of a cratonic root (e.g., Pearson et al., 1995) .
Kimberley: a conductive mantle section
The peridotite xenolith suite from the mine dumps at Kimberley, South Africa, contains abundant coarse-textured garnet lherzolites with conductive thermobarometry results (Boyd and Nixon, 1978) . Deformed high-temperature peridotite xenoliths are effectively absent and there is negligible evidence for Ti-or Fe-enrichment at depth (Fig. 6) . Olivine compositions fall dominantly in the range FO91 to FO93.5 throughout the entire section, a trait that matches olivine compositions inverted from garnet xenocryst data. G10 garnets are most common in the lower half of the section, occur across diamond-facies conditions up to the limit of the section at T ∼ 1250°C, and indicate 51 kbar (∼195 km) as a minimum depth for the depleted lithosphere. The available data do not support delineation of a thermal boundary layer. Differential sampling patterns indicate a subtle minimum at T ∼ 1100°C, suggesting that kimberlite magmas may have encountered a mechanical boundary at P ∼ 48 kbar, corresponding to the base of the known conductive geotherm for Kimberley (Fig. 6) . The Frank Smith kimberlite is well known to host deformed high-temperature peridotites with Mg-rich olivine and Cr-pyrope garnets zoned toward Fe-and Ti-enriched compositions (Smith and Boyd, 1989; Fig. 6 ). These rocks provide confirmation of a depleted mantle underlying the Kimberley area to pressures of at least 56 kbar (∼215 km), prior to transient thermal disturbances. There is no evidence of "asthenospheric" materials in the data set.
3.4. Central Slave: a layered lithosphere Griffin et al. (1999) characterised the cratonic mantle underlying the Lac de Gras kimberlites in the central Slave craton, Canada, as compositionally layered and having a stepped geotherm. Our xenocryst data (Fig. 7) show G10 garnets and FO93 olivine dominating the section at low (graphite-facies) temperatures, and declining in relative abundance to the limit of the section at pressures close to 60 kbar (∼230 km) and T ∼ 1300°C. Garnet lherzolite xenoliths and G9 garnet xenocrysts are dominant at T N 750°C and are correlated with a subtle TiO 2 increase with depth and a steady decrease in average FO from 92.3 at 700°C to 91.3 at 1200°C. The entire section is depleted relative to "asthenosphere" and unusually low trace-element contents of Y, Ga, Ti and Zr in garnet aid in defining an ultra-depleted layer at T b 900°C .
Our xenolith thermobarometry results generally concur with those of Griffin et al. (1999) in showing a 35 mW/m 2 model conductive geotherm for the ultra-depleted layer, with an apparent increase to a 40 mW/m 2 model to depth (Fig. 7) . The "stepped geotherm" thus defined is not related to visible Fe-Ti-metasomatism, nor necessarily to dynamically deformed xenolith textures as would typically occur in most other cratonic settings. In this case the thermal structure of the deep lithosphere appears largely unrelated to the compositional structure, at least for the 16 Ma timescale in the Eocene over which kimberlite magmas sampled the central Slave craton mantle (Creaser et al., 2004) . We tentatively interpret the shallowest limit for a thermal boundary layer to be at P ∼ 45 kbar or P ∼ 56 kbar (∼170-215 km; Fig. 7 ). Despite this uncertainty, we are able to show that depleted peridotite exists throughout the section to the deepest levels represented, with no trace of FO89 "asthenospheric" olivine compositions even at temperatures close to the adiabat (Fig. 7) .
Finland: a craton-margin setting
Kimberlites in the Fennoscandian Shield of eastern Finland have sampled the lithosphere within 10 s of kilometres of the boundary of the Archean Karelian craton with the Proterozoic Svecofennian belt. The peridotitic mantle in this setting is strongly dominated by G9 (lherzolitic) garnets, and calcic varieties apparently occur at T b 800°C (Fig. 8) . Rare G10 garnets occur through the section and provide a minimum pressure of 52 kbar (∼200 km) for depleted peridotite.
Lherzolitic olivine maintains depleted FO91 to FO93 compositions over the whole temperature range, up to the maximum of 1320°C. Our xenocryst data record significant Fe-and Ti-enrichment in the range 850-1320°C, and low-Ti peridotite is uncommon at T N 1060°C (Fig. 8) . We place the top of a thermal transition layer at this temperature and allow it to extend downward to T ∼ 1300°C. The corresponding pressures are difficult to assign because available xenolith thermobarometry results are scattered at depth, possibly a result of thermal disturbance.
Apart from the low overall abundance of G10 garnets and existence of an ultra-depleted harzburgitic layer (Lehtonen et al., 2004) , previously thought to be unique to the Slave craton , the overall features of the Finnish lithosphere are intrinsically no different from that observed underlying other cratonic core regions. Specifically, no "asthenophere" is apparent in a mantle section that extends to near- . Composition, pressure and temperature relations for garnet xenocrysts (solid diamonds) and garnet lherzolite xenoliths (circles) from northern Lesotho (Kaapvaal craton). The three lower panels show temperature-indexed compositional parameters (as in Fig. 3 ) that permit "depth" estimates to be made for depleted peridotite residing within a thermal boundary layer (arrows). Mn-in-garnet temperatures (GAR T-Mn) and olivine FO calculations for xenocrysts are modified after Grütter et al. (1999) . Compositional boundaries marked on the Cr 2 O 3 versus CaO diagram are discussed in Grütter et al. (2004) . High-Cr 2 O 3 G10 garnets are labelled with a minimum pressure (as formulated by Grütter et al., 2006) . Xenolith data sources as in Grütter and Moore (2003) adiabatic temperatures at some of the highest pressures known for any kimberlite-borne xenolith suite (∼65 kbar, ∼245 km; Fig. 8 ).
The rheological lithosphere
Deformation mechanisms and seismic anisotropy
The differential motion between tectonic plates and the asthenosphere is accommodated at the LAB by one of two primary creep mechanisms (Karato and Wu, 1993) . Laboratory studies show that at small grain size, low stress level, or both, subsolidus deformation occurs through diffusive mass transport at the molecular level between grain boundaries (diffusion creep). Conversely, at large grain size, high stress level or both, subsolidus deformation occurs through the motion of crystalline dislocations within grains (dislocation creep). Under any given set of conditions (temperature, pressure, grain size, stress and water content) the dominant mechanism is the one that produces the highest strain rate, or equivalently the least amount of work to produce a given level of strain. The upper mantle may thus be partitioned into regions where either diffusion creep or dislocation creep dominates. The boundary between these regions may change with time, since at high strain rates dynamic recrystallization may lead to grain-size reduction that will tend to favour diffusion creep. These two mechanisms have significantly different consequences for the development of detectable strain fabrics; dislocation creep results in the development of lattice-preferred orientation (LPO) of mantle minerals that may be detectable using seismic or magnetotelluric methods, whereas diffusion creep does not (Karato and Wu, 1993) . The flow laws that govern rheological behaviour of polycrystalline mantle rocks are poorly known. To simplify the analysis, it is commonly assumed that mantle deformation is controlled by the rheological properties of olivine, since this is the most abundant mineral in the upper mantle as well as the weakest component under a wide range of conditions (e.g., Durham and Goetze, 1977; Ceuleneer et al., 1988; Mackwell, 1991) . For olivine aggregates under steady-state conditions, the strain rate ε . for each creep mechanism may be expressed in power-law form as a function of temperature (T), pressure (P), grain size (d), water content (C OH ) and shear stress (σ):
The flow-law parameters in this expression are: A, the preexponential factor; E, the activation energy; V, the activation volume, and m, n and r, exponents for grain size, stress and water content, respectively. In addition, μ = 80 GPa is the reference shear modulus, b = 0.5 nm is the length of the Burgers vector and R is the gas constant. Each of the flowlaw parameters takes on different values, depending on creep mechanism (diffusion or dislocation) and whether ambient conditions are wet or dry. Here, we use parameter values reported by Korenaga and Karato (2008) based on a Bayesian analysis of experimental data that considers inter-run bias and experimental uncertainties (Table 1) . For many of the parameters, their results confirm parameter values from previous compilations (Karato and Wu, 1993; Hirth and Kohlstedt, 2003) ; however, Fig. 7 . Composition, pressure and temperature relations for garnet xenocrysts from the Lac de Gras mine leases (solid diamonds) and garnet lherzolite xenoliths from economic kimberlites (circles) at the Ekati and Diavik mines (Slave craton). Arrows denote two possible choices for the shallow limit of a thermal transition layer. Xenolith data sources as in Grütter and Moore (2003) ; xenocryst data from Armstrong (2001). their value for the stress exponent of dislocation creep is significantly higher than past studies (∼5 rather than ∼3.5). As elaborated below, this has the effect of broadening the region where dislocation creep is the dominant mechanism.
Creep modeling
To model the rheology and shear stress within the lithosphere, we have applied the constraint that the integrated strain rate of the upper mantle should match the velocity difference (Δv) between the surface and the underlying mantle,
where z denotes depth measured from the surface and z 0 is taken to be sufficiently far beneath the LAB that the mantle can be assumed to be moving independently of the plate. In our calculations below, we use z 0 = 600 km. In addition, Δv is taken as the difference in horizontal velocity between the plate motion defined by HS3-NUVEL1A (Gripp and Gordon, 2002 ) and a flow model at 250 km computed by Behn et al. (2004) . The flow calculations for the latter model are driven entirely by mantle density variations inferred from seismic tomography and provide an independent reference velocity field for estimating Δv. Following Bokelmann and Silver (2002) 
we solve for the level of shear stress σ that satisfies Eq. (2), where the subscripts in Eq. (3) indicate the creep mode and presence (or absence) of water. Fig. 9 presents results of creep calculations under dry conditions (typical water contents in the continental mantle are thought to be less than ∼500 ppm; Bell and Rossman, 1992) using a uniform grain Fig. 8 . Composition, pressure and temperature relations for garnet lherzolite xenoliths (circles) and garnet xenocrysts (solid diamonds) from the Kuopio-Kaavi kimberlites and till samples in the surrounding area (Fennoscandia). Arrows in the lower panels denote the limits of depleted peridotite residing within a thermal transition layer; their corresponding pressures in the upper panel are poorly resolved with the available xenolith thermobarometry results. Xenolith data from Kukkonen and Peltonen (1999) ; xenocryst data subsetted from Lehtonen et al. (2005a Lehtonen et al. ( , 2005b .
size of 1 cm, consistent with the coarse grain size observed in cratonic mantle xenolith samples. We estimate the following differential velocities for xenolith localities in the three cratons: 5.8 mm/yr (Kaapvaal), 18.4 mm/yr (Slave) and 20.8 mm/yr (Fennoscandia). To obtain a temperature profile, we used published geotherms for the Kaapvaal craton from Jones (1988) , the Slave craton (for the case q m = 18.2 mW/m 2 ) by Russell et al. (2001) , and Fennoscandia by Kukkonen and Peltonen (1999) . We remark that these steady-state models may slightly underestimate the geotherm, due to transient thermal effects (Michaut et al., 2007) . Our results suggest that, under dry conditions, dislocation creep is the dominant deformation mechanism in the asthenosphere and the lowermost 60-70 km of the lithosphere. The dominance of dislocation creep in these depth ranges implies that strain fabrics arising from LPO of olivine should be produced, which may be detectable using seismic data. Due to the very low strain rate within the lithospheric mantle, any antecedant strain fabrics at shallower depth levels would be preserved, leading in some cases to two-layer anisotropy (e.g., Snyder and Bruneton, 2007) .
The shear stress required to fit the differential velocity data for each craton lies within a very narrow range from 2.15 Mpa to 2.73 MPa, well within previous estimates (e.g., Bokelmann and Silver, 2002; Conrad and Lithgow-Bertelloni, 2006) . This relatively narrow range of stress values for the various regions exists, despite large differences in differential velocity in the three cases, due to the large value of the stress exponent for dislocation creep used here and obtained by Korenaga and Karato (2008) . The minimum of effective viscosity obtained using this approach is ∼ 10 20 Pa s, which is close to the minimum viscosity for the upper mantle found by Forte and Mitrovica (1996) based on joint inversion of long-wavelength convection and post-glacial rebound data.
As a working definition, we propose a strain rate of 10 − 15 s − 1 to approximate the top of the LAB. Under dry conditions, this yields depth estimates of 220-245 km (Fig. 9 ), generally consistent with independent constraints from xenolith studies (Table 2) . Although this choice of strain rate is somewhat arbitrary, increasing it by an order of magnitude or more has negligible effect on the inferred depth of the LAB. This working definition places the LAB slightly shallower than the depth at which the geotherm intersects the adiabat. Based on inversion of magnetotelluric data, Hirth et al. (2000) proposed that the mantle in the depth range of ∼250-400 km beneath both ocean basins and cratons has similar water content, whereas cratonic lithosphere at shallower depths is significantly "drier" than the global average. They suggested that this difference in water content may contribute significantly to the high strength of cratonic lithosphere relative to other parts of the mantle. To explore the influence of water on the rheological properties of the LAB, we have performed flow calculations for the Slave craton, similar to those above but using various values of mantle water content (C OH ). One series of models uses a uniform level of C OH in the mantle, with levels of 0, 10 and 100 ppm by weight. Another model, based on Hirth et al. (2000) , uses a value of zero in the lithosphere and 200 ppm below the LAB, which is assumed to be at 250 km depth.
Our modelling results (Fig. 10) show that the addition of even a small amount of water to the mantle reduces the effective viscosity and hence the level of stress required to fit the differential velocity boundary condition. As noted above, in the case of a completely dry mantle a zone of high strain rate, associated with mechanical decoupling between the lithosphere and asthenosphere, is thermally controlled and localized near the LAB. With even a small amount of water this zone of mechanical decoupling has a step-like character Fig. 9 . Geotherm, effective viscosity, strain rate and differential velocity profiles computed by solving Eqs. (1)-(3) assuming a dry rheology and a constant mantle stress level indicated in the legend. Grain size is assumed to be constant (1 cm). Flow parameters are from Korenaga and Karato (2008) , between 220 and 245 km (Table 2 ). Dislocation creep is the dominant deformation mechanism in the lower lithosphere and asthenosphere, which should result in detectable LPO fabrics.
and is distributed more broadly within the asthenosphere. If the lithosphere is dry and the asthenosphere is wet, as in model HEC, the depth of the LAB is entirely controlled by the distribution of water in the mantle. In this case, the LAB and base of the TBL do not necessarily coincide.
The transition from diffusion creep to dislocation creep occurs about 60-70 km shallower than the LAB in every model except model HEC, where it coincides precisely with the LAB. We remark that some previous studies of mantle creep (e.g., Bokelmann and Silver, 2002 ) infer a deeper downward transition back to diffusion-dominated creep. In our models, this transition is absent and the lower lithosphere and asthenosphere are located entirely within the dislocation creep regime, implying a relatively thick region within which anisotropy from viscous drag due to plate motion may develop. This difference arises from several factors. First, the stress exponent for dislocation creep used here (from Korenaga and Karato, 2008 ) is significantly higher than previous estimates. In addition, we assume a grain size (1 cm) that is appropriate for coarse-textured lithospheric mantle, but somewhat larger than in most previous studies. For reasons outlined above, this larger grain size tends to favour dislocation creep over diffusion creep.
The seismological lithosphere
Surface-wave methods
While the seismological lithosphere beneath cratonic regions is commonly characterised as a lid of anomalously high shear-wave velocity from the Moho to ∼100-300 km depth, its base is difficult to identify using surface waves, due to the integrating properties of the technique. Although surface waves have good sensitivity to absolute seismic velocity over a given depth range, related to the sensitivity kernels of the phases at different periods, they are relatively insensitive to the nature of the boundaries between high and low velocities. Thus a sharp velocity contrast at the base of the seismological lithosphere is generally indistinguishable from a gradual velocity gradient (Fig. 11) . As discussed below, joint interpretation of surface-wave models with S-receiver functions offers a potential means to resolve this ambiguity, at least in principle.
Early models of the continental cratonic lithosphere (e.g., Brune and Dorman, 1963) generally showed a distinct high-velocity "lid" overlying a zone of lowered velocity. However, the sharp base was most likely an artifact of the necessarily-simple layered model parameterization, as opposed to a true reflection of seismic seismicvelocity structure or surface surface-wave resolution. In the following sections, we give a brief overview of the definitions of the cratonic lithosphere and its base from recent publications based on surfacewave studies, using both seismic-velocity variation and depthdependent anisotropy.
Defining the LAB using surface-wave observations
The base of the lithosphere, or the apparent absence of an identifiable base, has been defined in several different ways through the modelling of seismic-velocity profiles from surface surface-wave data. The presence of a low-velocity zone beneath the high-velocity lid can be taken as an indication of the LAB (e.g., Bruneton et al., 2004a; Pontevivo and Thybo, 2006) , though the depth range of the boundary region will depend on the model parameterization. Proxies for the LAB are given by many authors, based on a number of different criteria that stem from surface-wave observations:
• the depth range of the strongest negative velocity gradient at the base of the high-velocity mantle lid (e.g., Debayle and Kennett, 2000a; Li et al., 2003; Priestley and Debayle, 2003) or the depth to the centre of this gradient (Weeraratne et al., 2003) ; Fig. 10 . Geotherm, effective viscosity, strain rate and differential velocity profiles for the Slave craton, assuming a constant mantle stress level and various values of water content (C OH, ppm) expressed as a weight fraction. Grain size is assumed to be constant (1 cm). Flow parameters are from Korenaga and Karato (2008) and listed in Table 1 . HEC refers to Hirth et al. (2000) and represents a model that is dry in the lithosphere, with 200 ppm C OH in the asthenosphere. For model HEC, the lithosphere is a rigid layer above a thick deforming asthenosphere; for all other models, some lithospheric deformation occurs near the LAB. The dry model exhibits the thinnest zone of deformation that accommodates the differential motion between the plate and underlying mantle.
• statistical analysis of negative velocity gradients in multiple 1-D models (Cotte et al., 2002) ; • a certain contour -typically 1-2% -of positive velocity anomaly above a global reference model (e.g., Frederiksen et al., 2001; Gung et al., 2003; Darbyshire et al., 2007) ; • absolute velocity variation with depth -taking a specific V s value instead of a percent velocity anomaly as a proxy (Li and Burke, 2006) ; • changes in the nature of the lateral velocity heterogeneity across an array confined to a shield region (Bruneton et al., 2004b ); • changes in orientation and/or intensity of seismic anisotropy (e.g. Gaherty and Jordan, 1995) .
The consistency of these proxy measurements may vary from study to study. In many cases, it is simply not possible to compare the differing definitions for the LAB due to the nature of the velocity models. For example, a model may show no appreciable negative velocity gradient, but still converge with the global reference models at depth. Even in the cases where a strong negative velocity gradient appears beneath the lithospheric lid, an uncertainty of several tens of kilometres in the position of the LAB should be noted. In several cases, the depth of the LAB is quoted without reference to specific criteria for the definition of the lithosphere base (e.g., Ritsema and van Heijst, 2000; Chevrot and Zhao, 2007) , and the reader must inspect the velocity models carefully in order to make any meaningful comparison of the results presented with those from other surface-wave models of the region.
Azimuthal anisotropy
Azimuthal anisotropy is a class of seismic anisotropy associated with mantle fabrics produced by horizontal shear with a preferred orientation. Surface-wave techniques are extremely valuable in studies of anisotropy as they are able to provide information on the depthdependence of these anisotropic fabrics in the upper mantle (Plomerova et al., 2002) , unlike most body-wave studies such as SKS splitting analysis (e.g., Fouch and Rondenay, 2006 and references therein) . A number of Rayleigh-wave studies, using either waveform inversion of regional earthquakes or phase velocity measurements of teleseismic earthquakes across an array, solve both for shear-velocity heterogeneity and azimuthal anisotropy. The changes with depth in the amplitude, lateral smoothness or predominant direction of the azimuthal anisotropy can be interpreted in terms of the evolution from frozen lithospheric anisotropy to alignments resulting from viscous coupling to the sublithospheric mantle (e.g., Debayle 
Radial anisotropy
Radial anisotropy is a class of seismic anisotropy related to mantle fabrics produced by horizontal shear, with no apparent preferred orientation. The lack of a preferred fast direction may be caused by longwavelength averaging of randomly oriented, azimuthally anisotropic domains in the continental lithosphere (Gaherty and Jordan, 1995) . Alternatively, radial anisotropy may represent weak azimuthal anisotropy within an orthorhombic symmetry system (e.g., Babuška and Plomerová, 2006) .
Radial anisotropy may be resolved in surface-wave studies by examining the discrepancy between Rayleigh and Love wave dispersion properties, which are sensitive to the velocities of vertically (SV) and horizontally (SH) polarized shear waves, respectively. Gung et al. (2003) examined global tomographic models based on V SV and V SH , and concluded that significant radial anisotropy is present under most cratons in the ∼250-400 km depth range, with V SH N V SV . The presence of this anisotropy is attributed to flow-induced shear in the asthenosphere, although Gaherty and Jordan (1995) and Gaherty et al. (1999) argue that beneath the Australian craton radial anisotropy is confined to the lithosphere. A number of regional-and continental-scale surface-wave studies have examined variations in radial anisotropy (e.g., Debayle and Kennett, 2000b; Saltzer, 2002; Gaherty, 2004; Pedersen et al., 2006; Sebai et al., 2006) , though many of these studies lack sufficient simultaneous depth resolution of Love and Rayleigh waves to identify the base of the region of radial anisotropy. The radial anisotropy modelled for the southern African cratons by Sebai et al. (2006) decreases gradually with increasing depth down to ∼300 km. 
Surface waves and SKS splitting
Many authors have attempted to use a correspondence between surface-wave anisotropy and SKS splitting analyses to interpret the anisotropic structure of the cratonic lithosphere and the asthenosphere beneath. In SKS splitting interpretations, back-azimuthal variation of delay time and fast direction are used to infer the presence of single or multiple anisotropic layers in the mantle, but depth is poorly resolved. Typically, the most that can be confidently interpreted is the relative depth (upper versus lower layer) of twolayered anisotropic fabric, and inferences of maximum and minimum layer thicknesses based on integration of delay time information. In regions that are well-covered by seismograph stations, lateral resolution of changes in anisotropic structure is good, and Fresnel zone-based arguments can be used to constrain depth extent of anisotropy (e.g., Rümpker and Ryberg, 2000) .
In contrast, surface waves provide good depth resolution but relatively poorer lateral resolution. While a full joint interpretation of anisotropy using SKS splitting and surface waves (e.g., Snyder and Bruneton, 2007) is relatively rare, many authors have made comparisons of the results from the two techniques (Debayle and Kennett, 2000a; Li et al., 2003; Gaherty, 2004) . Positive correlations are used to constrain the depth range of anisotropy inferred from SKS splits (e.g., Snyder and Bruneton, 2007) , whereas negative results may be used to infer that the SKS anisotropy originates from a region deeper than the resolution extent of the surface-wave study (Li et al., 2003) . Alternatively, discrepancies between surface-wave and SKS-based interpretations may be interpreted as arising from complex and rapidly-varying patterns of anisotropy, for which the net effects may be seen quite differently when sampled with surface or body waves (e.g., Saltzer, 2002; Li et al., 2003; Gaherty, 2004; Pedersen et al., 2006) .
Mapping the LAB using S-receiver functions
Receiver functions (Langston 1977; Vinnik 1977) are routinely used to detect seismic discontinuities in the crust and upper mantle. Conventional (P-) receiver functions are based on isolation of P-to-S converted waves, generated at seismic discontinuities, from the Pwave coda. Although there have been some successful applications of P receiver functions for observation of the LAB (Rychert et al., 2005; Chen et al., 2006) , this method is generally of limited value for detecting interfaces in the mantle lithosphere, due to interference of primary conversions with strong crustal reverberations. A recent technique employing S-to-P conversions, the S-receiver function (SRF; Yuan et al., 2006) , appears promising for detecting the LAB beneath seismic stations.
There are a number of technical challenges specific to S-P conversions compared to P-S conversions . S waves are generally characterised by lower frequencies than P waves, resulting in a lower spatial resolution. Most previous studies thus focused on identification of S-to-P converted waves from long-period seismograms. To avoid post-critical incidence, S-to-P converted waves can only be observed over a limited teleseismic distance range . Since S waves are not first arrivals within this distance range, they typically arrive within the P-wave coda and interfere with other phases. Painstaking polarity analysis to distinguish the S-to-P converted waves from S waves has been used to identify the LAB Sacks et al., 1979; Snoke et al., 1977; Bock and Kind 1991) . Farra and Vinnik (2000) were the first to propose the application of receiver-function analysis as a way to isolate S-to-P converted phases from the incident S waves. The method has since been improved by introducing stacks of individual S-receiver functions according to the geographic locations of piercing points, and used to map the LAB in various tectonic settings (e.g., Li et al., 2004; Kumar et al., 2005; Sodoudi et al., 2006) . Like conventional receiver functions, S-receiver functions use a deconvolution process to remove source and path effects in order to isolate receiver-side Earth response based on seismic mode conversions. Whereas conventional receiver functions use the teleseismic P wave (measured on one component, such as the vertical component) to extract P-S converted phases, S-receiver functions use the teleseismic S wave to extract S-P converted phases. An important practical difference is that P-S phases arrive after the P wave in the case of conventional receiver functions, whereas S-P phases are precursors to S. As a result, SRFs are less affected by crustal reverberations that tend to obscure the LAB on conventional receiver functions. Since SRFs are computed as a function of traveltime, independent knowledge of P-and S-wave velocities is required to convert the observations to depth.
In Fig. 12 , we compare synthetic P and S-receiver functions for 3 models with different LAB sharpness (Fig. 12A) . Synthetic receiver functions (Fig. 12B ) are calculated by a Haskell matrix propagation approach with an assumption of plane-wave incidence. The dominant wave periods of the P and S-receiver functions are approximately 2 s and 5 s, respectively, representing typical dominant periods for observed data (normally 1-5 s for P and 4-10 s for S-receiver functions). For the synthetic P receiver functions, primary conversions appear together with multiple phases at positive times. The LAB converted phase, expected at a time of ∼ 17 s, is effectively masked by the strong crustal multiples. For the synthetic SRFs, they occur on either side of 0 s and the LAB is clearly visible, although detailed crustal structures are not well resolved. As the velocity jump at the LAB becomes more gradational, its expression in the SRFs becomes weaker and broader. For a dominant period of approximately 5 s, SRFs appear to be able to resolve the LAB as a 50-km thick gradient zone (dashed lines). The S-P converted phase is dramatically weaker for a 100 km thick gradient zone (dotted line). Thus, in contrast to surface waves, S-receiver functions have the capability to distinguish between sharp and gradational LAB.
Below, we show an example which illustrates the complementary nature of SRFs and surface-wave data for mapping the LAB. Surface waves provide well-constrained estimates of absolute velocity in the lithosphere, but are insensitive to whether the LAB is gradational or abrupt. SRFs, on the other hand, can in principle be used to infer abruptness of the LAB relative to the seismic wavelength of 20-50 km, but lack good depth constraints. More work is required to test the SRF method in different cratonic settings, and to develop joint inversion methodologies that could exploit the complementary imaging characteristics of SRFs and surface waves.
5.1.6. Regional seismic studies of the LAB 5.1.6.1. Southern Africa. The cratons of southern Africa have been studied extensively in recent years, though the variation in data sets, methodology and methods of interpretation make a consistent review of the results difficult. The scope of surface-wave based models ranges from relatively low-resolution 3-D images derived from continentalscale studies (e.g., Sebai et al., 2006 ) through craton-scale 1-D and 3-D models (e.g., Freybourger et al., 2001; Saltzer, 2002; Larson et al., 2006; Li and Burke, 2006) to detailed models of the internal structure of the Kaapvaal craton (Chevrot and Zhao, 2007) . While the high-velocity lid beneath the Kaapvaal craton is a persistent feature of all surface-wave models, its depth extent and the nature of the mantle beneath the lid varies somewhat between the studies. The 1-D models of the Kaapvaal calculated from averaged dispersion data from the Southern African Seismic Experiment (Freybourger et al., 2001; Saltzer, 2002; Larson et al., 2006) are generally characterised by persistently high velocities, with no sublithospheric low-velocity zone required by the data. (2006) covered a larger area -the entire African continent -and used a more comprehensive data set, including analysis of both Rayleigh and Love waves to characterise both velocity anomalies and radial and azimuthal anisotropy. Beneath the southern African cratons, the models showed velocities above those of global reference models, with the percentage anomaly highest in the uppermost mantle and decreasing gradually to 1% positive anomaly at 280 km depth. Radial anisotropy has a similar gradual decrease with depth over the range in which the data have sensitivity. The authors note a change in the nature of azimuthal anisotropy at ∼ 180 km depth for all the African cratons, and attribute this feature to the signature of the cratonic root. The authors also attribute their anisotropy pattern at a depth of 280 km to the southern African superswell. Identification of the LAB on the basis of seismic velocity is not made.
In contrast, the 1-D and 3-D models of Li and Burke (2006) , which model velocity variations across the SASE (Southern African Seismic Experiment) array, require the presence of a pervasive but weak lowvelocity zone in the depth range ∼160-260 km (Fig. 13) . Using absolute velocity contours of 4.55-4.6 km/s as a proxy for the base of the lithosphere, Li and Burke (2006) estimated an ∼ 180 km depth for the LAB, broadly consistent with estimates derived from analysis of xenoliths across the region. They also note that the nature of the velocity model does not allow a meaningful estimate of lithospheric thickness based on negative velocity gradients. The weak LVZ is interpreted as a thermal transition layer in which mantle convection is able to occur.
Data from the SASE array were used in a finite-frequency tomographic study by Chevrot and Zhao (2007) , in which the tomographic method allowed the finer-scale internal structure of the Kaapvaal craton to be investigated. The Kaapvaal craton was shown to be heterogeneous in nature, with a distinct division into western and eastern blocks and variations in the thickness and nature of the highvelocity cratonic root. The models show a positive velocity anomaly extending to at least 250 km depth beneath parts of the Kaapvaal craton, though the nature of the reference model is not stated clearly. The authors note that the limited depth resolution of the study precludes definite conclusions regarding the thickness of the cratonic lithosphere. Kumar et al. (2007) calculated S-receiver functions for a number of permanent stations in the Indian Ocean and adjacent continental regions. They showed a profile constructed using SRFs, for a set of stations extending from south to north in Africa (Fig. 14) . Both the Moho and LAB are evident as discrete events that can be correlated across the profile. The polarity of the LAB is opposite to that of the Moho, since the LAB represents an upward increase in velocity whereas the Moho represents an upward velocity decrease. The LAB is clearly deeper (up to ∼ 300 km) and weaker beneath cratonic regions of southern Africa than in other parts of the profile. This reduction in amplitude of the P-S mode conversion may reflect either a reduction in the parameter contrast at the LAB, or a less abrupt (more gradational) LAB beneath cratonic regions.
5.1.6.2. The Slave craton. Recent studies of shear shear-wave velocity and anisotropy using Rayleigh waves and SKS splitting measurements have provided new models of the lithospheric structure of the Slave craton. The studies of Snyder and Bruneton (2007) and Chen et al. (2007) use teleseismic data from the POLARIS broadband array deployed around the diamond-producing region in the centre of the Slave craton. Chen et al. (2007) used an array analysis technique to derive an average dispersion curve and average depth-dependent azimuthal anisotropy for the entire array, and inverted the dispersion data for shear-wave velocity structure. The resulting velocity-depth profile shows a high-velocity lid extending from the uppermost mantle to depths of 150-200 km, underlain by a negative velocity gradient with a minimum at ∼ 275 km depth. The authors interpret the negative velocity gradient as the transition from lithosphere to asthenosphere. The centre of the gradient lies at ∼ 220 km but the gradational nature of the transition and the sensitivity range of the surface-wave data set are such that the lithosphere-asthenosphere boundary cannot be identified with certainty; the authors note that it must lie at more than 150 km depth, and that a thick lithosphere (∼250 km) cannot be ruled out by the data. The surface-wave analysis suggests north-south trending azimuthal anisotropy in the uppermost lithosphere and NE-SW to E-W trending azimuthal anisotropy in the lower lithosphere and sublithosphere. Snyder and Bruneton (2007) used joint interpretation of SKS and surface-wave data for the southeastern section of the POLARIS Slave array to infer a two-layered system of anisotropy, with a north-south Fig. 12 . Synthetic P and S-receiver functions for models with different LAB sharpness. (A) Three shear-wave velocity models, in which the LAB is a first-order discontinuity (solid line), a gradient zone of 50 km thick (dashed line), or a gradient zone of 100 km thick (dotted line). The Vp/Vs ratio is fixed to 1.73 in the crust and 1.80 in the mantle. C -Conrad interface, M -Moho, L -LAB. (B) Corresponding synthetic P and S-receiver functions. S-receiver functions are generated for models in (A) with identical line styles. P receiver function is only calculated for the model with an abrupt LAB. Timing is referred to a slowness of 6.4 s/deg. The frequency content of the synthetic receiver functions is approximately identical with that of observed data. For the S-receiver function we have reversed the amplitudes as well as the time axis to enable a direct comparison with P receiver function. Arrows (labeled C, M and L) indicate primary P-to-S conversions in the P receiver function and S-to-P conversions in the S-receiver functions. Unmarked phases with significant amplitudes in the P receiver function are crustal multiples. The multiple phases in the S-receiver function appear at the negative time, which are not shown. Fig. 13 . Representative 1-D velocity and resistivity models for the three study regions. Arrows mark interpreted lithospheric thickness. Top panels show recent surface-wave results; dashed curve is model AK135. Lower panels show resistivity profiles for various MT studies; dashed curve is model REF from Jones, 1999 . MT profile for Kaapvaal is extracted from the region of maximum lithospheric thickness from a preliminary 2-D inversion along a north-south MT transect through the central Kaapvaal craton (Miensopust et al., 2006) . Slave MT profile represents an average for the Slave craton and may be biased toward slightly thicker lithosphere due to the station distribution in the Slave craton. Fennoscandia MT profile is for station NAT. trend in the upper layer and a northeast trend in the lower layer. Forward modelling was used to test a number of hypotheses for the depth range and cause of the anisotropic signature. The upper layer is geologically consistent with a major phase of Archean deformation, but the deeper layer is more complex and controversial in origin. The fast direction of the lower layer is aligned with present-day plate motion and may result from anisotropy in both the lower lithosphere and sublithospheric mantle. Within the lower lithosphere, tests showed that the anisotropy could be explained either in terms of sheeted dykes that feed the Slave kimberlite eruptions, or in terms of a layer of underthrust Archean lithosphere. The authors do not explicitly consider the lithosphere-asthenosphere boundary, but the velocity model derived from the surface-wave dispersion data shows a highvelocity lid with a negative gradient beneath it and a velocity minimum at ∼ 200 km depth. The models of layered anisotropy placed the base of the lithosphere at ∼ 190-200 km depth.
5.1.6.3. The Fennoscandian Shield. The SVEKALAPKO seismic project sampled a 500 × 800 km 2 region of the Fennoscandian Shield in southern
Finland, and included a large number of broadband seismographs recording data during 1998-1999. The results of array-based surfacewave studies of the region were presented by Bruneton et al. (2004a,b) and Pedersen et al. (2006) . Bruneton et al. (2004a) derived an average 1-D dispersion curve for Rayleigh-wave phase velocities, inverted the dispersion data for isotropic shear-wave velocity structure and compared the results to shear-wave velocity profiles derived from xenolith compositional data for the region. The authors noted that the surface-wave model shows near-constant shear-wave velocity to depths of ∼200 km, below which a positive velocity gradient was modelled.
There was no clear low-velocity zone that could be attributed to the lithosphere-asthenosphere boundary anywhere within the 300 km depth range resolved by the surface-wave study. This is consistent with the work of Sandoval et al. (2004) , who used body-wave tomography to document a high-velocity anomaly extending to at least 250 km depth beneath the central part of the Fennoscandian Shield, as well as results obtained by Hjelt et al. (2006) using various seismic techniques. Three-dimensional shear shear-velocity modelling carried out by Bruneton et al. (2004b) showed significant lateral heterogeneity across the region, interpreted to arise from compositional variations within the lithospheric mantle. The authors noted that it may be possible to identify the LAB by a pronounced reduction of the lateral heterogeneity across a study region; however, the lateral resolution of the SVEKALAPKO study was insufficient below 150 km to test this hypothesis. Radial anisotropy was resolved to ∼200 km depth by analysis of the Love-Rayleigh discrepancy. The observed anisotropy fabric requires a lithospheric structure in which olivine a-axes are oriented approximately horizontally and the composition is required to include at least 50% olivine. Average azimuthal anisotropy is weak above ∼ 200 km but significant below ∼ 200-250 km with an average alignment of 0-40°. Using information from surface and body bodywave studies, the authors suggested that the apparently weak lithospheric anisotropy may arise from complex lateral and vertical variation that averages to a low value over the resolution length of the surface waves. The deeper anisotropy was interpreted as arising from sublithospheric flow, but the discrepancy between the fast direction and the direction of absolute plate motion suggests that the pattern of sublithospheric flow beneath the Fennoscandian Shield may be complex.
The electrical lithosphere
ELAS layer
Electrical conductivity (or its inverse, resistivity) provides an important constraint on mantle structure that is independent of those obtained using seismological, or other geophysical, techniques. The bulk conductivity of the mantle is primarily controlled by temperature and composition (e.g., Xu et al., 2000; Ledo and Jones, 2005) , but can be dramatically enhanced by the presence of an interconnected conducting phase such as melt or graphite, which is typically a minor constituent of the rock matrix. For these reasons, conductivity in the mantle lends itself to the identification of key upper upper-mantle boundaries, both vertically and laterally.
The magnetotelluric (MT) method is well suited to the problem of inferring Earth structure at mantle depths (e.g., Jones, 1999) . The lithospheric mantle represents a relatively resistive layer (1000 s to 10,000 s Ω m) beneath a (typically) conductive lower crust. From the earliest MT studies on continents, it has been recognized that an increase in upper-mantle conductivity in the 50-250 km depth range (the electrical asthenosphere) is required to explain the observed frequency dependence of apparent resistivity at long periods. This layer was studied globally by many groups in the late-1970s and 1980s as part of the IUGG's (International Union of Geodesy and Geophysics) Inter-Association Working Group on Electromagnetic LithosphereAsthenosphere Soundings (ELAS) formed in 1983. Gough (1987) gave an interim report of the activities of the ELAS group.
Determination of mantle resistivity directly below the Moho to depths of about 100 km is hampered by pervasive highly-conductive lower crust that acts as a screen (Jones, 1999) . Although the absolute conductivity of the lithospheric mantle is poorly constrained, the thickness of the resistive layer is well resolved, since the MT response is highly sensitive to the separation between the two conductive layers (Jones, 1999) . In some places, however, there are resistive crustal "windows" through which the lithospheric mantle resistivitydepth profile can be reasonably well resolved although, once again, determining the actual resistivity of the most resistive part of the profile is virtually impossible -only a lower bound can be put on it. The most resistive upper mantle reported in the literature is that beneath the Rae Province of the Canadian Shield, adjacent to the Slave craton, where resistivities in excess of 65,000 Ω m have been reported by Jones et al. (2002) in a region of little crustal conductance.
Globally, comparisons with seismic data have shown, as early as 1963 (Ádám, 1963; Fournier et al., 1963) , that the electrical asthenosphere accords well spatially and in depth with the seismicallydefined asthenosphere (e.g., Calcagnile and Panza, 1987; Praus et al., 1990; Jones, 1999) . Typical values quoted for the resistivity of the electrical asthenosphere are in the range of 5-25 Ω m, whereas at depths of 200-250 km a dry mantle mineralogy on an adiabat will yield a resistivity of hundreds of Ω m (Xu et al., 2000) .
Regional MT studies
Kaapvaal craton
The Southern African Magnetotelluric Experiment (SAMTEX) is an ongoing large-scale MT investigation of electrical structure of the crust and upper mantle beneath the Archean cratons of southern Africa and their surrounding terranes (Jones et al., 2004; Hamilton et al., 2006) . SAMTEX deployments traverse the Kaapvaal craton in several directions ( Fig. 2A) . Using data from the main SW-NE profile, Hamilton et al. (2006) showed that the direction of maximum conductivity in the upper mantle (geoelectric strike) is incompatible with seismic anisotropy inferred from SKS splitting studies . This scenario, like the contrast between isotropic electrical structure and seismic anisotropy in the Superior craton noted by Hirth et al. (2000) , suggests that the mantle fabric responsible for seismic anisotropy in southern Africa has either a weak electrical anisotropic signature, or is located at a depth greater than the maximum depth (150+ km) of investigation of Hamilton et al. (2006) . Jones et al. (2004) presented a preliminary 2-D long-period MT model for the same SW-NE transect across the Kaapvaal craton. A prominent keel-shaped lithospheric root beneath the Kaapvaal is imaged by their model, similar in shape to the LAB structure inferred from S-receiver functions in the same region (Fig. 14) . As a general indication of regional resistivity structure, a 1-D resistivity-depth profile extracted near the thickest part of the root from their preliminary model shows a sharp reduction in electrical resistivity at a depth of ∼ 230 km (Fig. 13) . This -and other resistivity profiles in Fig. 13 -are compared with a reference model for the mantle obtained by Jones (1999) .
Slave craton
The electric structure of the lithosphere beneath the Slave craton has been extensively studied using data from LITHOPROBE and related experiments (e.g., Jones et al., 2001; . These MT surveys used ocean-bottom instruments deployed by float planes into lakes (circles in Fig. 2B ), as well as conventional land-based MT units (squares), deployed both in the summertime and also on lakes in wintertime. Although the MT experiments were initially designed to image the LAB, they led to the discovery of an unusual conductive region at depths of 80-120+ km (the Central Slave Mantle Conductor; CSMC) that is spatially coincident with a geochemically defined ultradepleted harzburgitic layer (Jones et al., 2001; . The inferred base of the CSMC possibly coincides with the graphite-diamond boundary, suggesting that carbon interconnected along grain boundaries may represent the conductive mantle phase (Jones et al., 2003) .
Using the average MT response for stations distributed throughout the Slave craton, Jones et al. (2003) showed that a minimum of five homogeneous layers are required to fit the data. Based on their average model (see Fig. 13 ), the electrical LAB beneath the Slave craton is located on average at 260 (225-310) km and represents a decrease from 300 (150-600) Ωm to 75 (55-95) Ωm. Noting that the majority of the MT stations are located in the southern Slave region, Jones et al. (2003) suggested that the lithospheric thickness at Lac de Gras in the centre of the craton, is less than this value based on the data from the ocean-bottom instrument located in the lake. A LAB at around 200 km is suggested by Jones et al. (2003) , consistent with petrological observations .
Fennoscandia
A number of studies have demonstrated that seismic and electrical LAB approximately coincide beneath the Fennoscandian Shield (see Jones et al., 1983; Jones, 1999) , although recent array data show that the shield has complex electrical structure (Hjelt et al., 2006) , possibly including anisotropy. Fig. 13 shows a resistivity profile obtained by Monte-Carlo search approach (Jones and Hutton, 1979) of summertime MT recordings at station NAT (Jones et al., 1983) . The estimated thickness of the lithosphere at this western site is 213 + 26/− 23 km (Jones et al., 1999) . Although early studies suggested that no well developed electrical asthenosphere exists in the Karelian craton in central Finland (Korja, 1993) , more recent work within the framework of the Baltic Electromagnetic Array Research (BEAR) project (Engels et al., 2002; Lahti et al., 2005; Hjelt et al., 2006) has provided new insights. Multi-sheet modelling of MT response (Engels et al., 2002) shows that inclusion of an electrical asthenosphere with resistivity of 20 20 Ωm at a minimum depth between 200-300 km significantly improves the fit to the data. Lahti et al. (2005) noted that although numerous highly conductive crustal bodies and conductivity contrasts produce strong distortions, a decrease in resistivity is required at depths greater than 170 km, providing a minimum depth estimate for the electrical LAB. Korja (2007) recently presented an updated map of lithospheric thickness for Scandinavia, based on a compilation of older and newer sources. His map shows significant variation within Fennoscandia from ca. 170 to N300 km, with the greatest thickness in the region of the Karelian craton where the kimberlites are located. Within the area covered by the SVELALAPKO seismic array, the MT data appear to require an increase in mantle conductivity at some depth beneath 200 km, although the data do not constrain the depth and geometry of this conducting layer (Hjelt et al., 2006) .
Discussion
Material from the cratonic upper mantle entrained by kimberlites shows that depleted cratonic peridotite samples typically occur on steady-state conductive geotherms to pressures of 46 to 50 kbar. Although commonly exposed to thermal disturbance and textural modification, suggesting they may represent a dynamically evolving transition layer in the lower lithosphere, xenoliths from greater depths retain relict depleted compositions and Archean isotopic characteristics even to the most extreme pressures represented in the available data set (∼ 65 kbar). Thus, although modern single-grain thermobarometry techniques have increased the observational data base by orders of magnitude, there are still no reported major-element mineral compositions that can be taken to represent unambiguously the "asthenosphere" that must underlie Archean cratonic roots. In order to map the LAB, a geophysical approach is thus required.
For the three cratons considered in this study, the depth of the LAB is found to vary broadly between 150 and 300 km ( Table 2) . We remark that such comparisons are fraught with uncertainty, arising (among other things) from large spatial variations in lithospheric thickness beneath cratons (e.g., Artemieva and Mooney, 2002) . Nevertheless, our comparisons of LAB depth provide some support for previously inferred consistency of seismic and MT methods (e.g., Calcagnile and Panza, 1987; Praus et al., 1990; Jones, 1999) , and demonstrate the compatibility of these results with inferences of lithospheric thickness from creep modelling. Seismic inferences exhibit a greater scatter than those from MT studies, no doubt reflecting the subtle expression of the LAB beneath cratons in surface-wave velocity models as well as the paucity of S-receiver-function analyses in these regions. Although not explicitly considered in Table 2 , global and regional studies (e.g., Gaherty and Jordan, 1995; Gung et al., 2003; Debayle et al., 2005) suggest that depth variations in seismic anisotropy may also be used as a marker of the LAB. In terms of our creep results, such changes in anisotropy may represent a transition from "frozen" anisotropy in the lithosphere to recently developed fabrics within a dislocationdominated creep regime at the base of the plate.
The causes of reduction in electrical resistivity and seismic shear velocity (if any) beneath the lithosphere have long been debated in the literature. For cratons with thick mantle roots, graphite along grain boundaries can be ruled out as an explanation for the electrical asthenosphere, since the graphite-diamond stability boundary occurs at lower pressure than the LAB (Kennedy and Kennedy, 1976) . On the other hand, partial melt may provide a viable mechanism, since it increases electrical conductivity due to the high mobility of charge carriers within a melt fraction (Waff, 1974) . Furthermore, it has long (Li and Burke, 2006) N150 km (Chen et al., 2007) Consistent with 250 km (Bruneton et al., 2004a ) S-Receiver function ∼ 250-300 km (Kumar et al., 2007 ) Magnetotelluric (MT) 230 km (Miensopust et al., 2006) 210 km at LdG 260 km average (Jones et al., 2003) 205 km at NAT (Jones, 1999) N 300 km (Korja, 2007) Uncertainties vary between methods and are generally N10 km. a For Fennoscandia the xenolith-xenocrysts data are from the Archean-Proterozoic border, seismic data are from both domains (although mainly in the central part of the shield), and MT data are from Proterozoic regions. b Estimates for wet conditions are not given, as they depend critically on the assumed depth distribution of water.
been suggested (e.g., Anderson and Sammis, 1970 ) that a reduction in seismic velocity at asthenospheric depths may be caused by small amounts of partial melt. Karato and Jung (1998) , however, argue that melt in the asthenosphere is unlikely to impact seismic velocity, since there is a trade-off between an increase in velocity of the depleted matrix and a reduction in velocity caused by the melt itself. Melting will cause similar trade-offs for electrical conductivity, with the degree of interconnectivity of the melt critical for determining its impact on bulk conductivity. Competing observations have been reported about the degree of partial melt required for efficient interconnectivity (and thus a detectable reduction in electrical resistivity), from values as low as 0.02% (Drury and FitzGerald, 1996) to values of 2-3% (Faul, 1997; ten Grotenhuis et al., 2005) . Drury and FitzGerald (1996) observed that very thin (1.0-1.5 nm) films can be found on grain boundaries that can only be observed using high-resolution electron microscopy and are not observable by light or SEM observations. These films form 0.02% of the fraction of the rock and are highly interconnected. In addition, small melt fractions along grain boundaries may be particularly important for carbonatitic melts; these may be interconnected at the 0.03-0.30% level (Dasgupta and Hirschmann, 2006) . Any degree of partial melt in the asthenosphere must be reconciled with models showing that the transition from a conductive geotherm onto a mantle adiabat generally occurs well below the dry solidus (e.g., Katz et al., 2003) . The presence of volatiles in the mantle provide a possible mechanism for reducing the solidus temperature. For example, using a geotherm for the Kaapvaal craton that is based on heat flow data (Jones, 1988) , and using theoretical melting relationships for the mantle as a function of temperature, pressure and water content (Katz et al., 2003) , it is possible to estimate the minimum water contents needed for melting to be induced. Above ∼150 km, the geotherm lies below the saturated solidus, and so melting here cannot occur without a thermal perturbation. At ∼150 km a water content of ∼0.3 wt% is needed for melting, and this amount decreases steadily with depth to around 0.2 wt% at 250 km. The laboratory data required to confirm these quantities do not exist, however, and so there is considerable variance in estimates of unsaturated wet solidii (G. Gaetani -pers. comm. with RLE). The possibility that the presence of CO 2 might further depress the solidus has also been raised (Dasgupta et al., 2007) . Recent analysis of water solubility in aluminous pyroxenes suggests a correlation between a minimum in water solubility and the top of the global seismic low-velocity zone (Mierdel et al., 2007) , both for oceanic and continental geotherms, providing a possible link between water content and low velocities. In this model, the release of even quite small amounts of water from aluminous OPX is deemed sufficient to induce melting.
Alternatively, water, in the form of dissolved hydrogen, has been invoked to explain elevated conductivities in the oceanic mantle (Lizarralde et al., 1995; Evans et al., 2005) and in the asthenosphere beneath continents (Hirth et al., 2000) . Although there is still some disagreement between different laboratory measurements, the balance of evidence suggests that hydrogen enhances conductivity (Yoshino et al., 2006; Wang et al., 2006) . Calculations suggest that the transition from dry lithospheric mantle to a "damp" asthenosphere (Hirth et al., 2000) would result in about an order-of-magnitude increase in conductivity (Karato 1990; Hirth and Kohlstedt 2003) . In the presence of modest water content, the transition from a dry lithosphere to a wet asthenosphere could be quite broad (Lee et al., 2005) .
The amount of water present in the mantle (both lithospheric and asthenospheric) remains controversial and is a question that is being debated fiercely within various communities. For example, Berry et al. (2005) question the applicability of experimental studies that constrain mantle water contents (e.g., Karato and Jung, 1998; Hirth and Kohlstedt, 2003) , arguing that to be applicable such experiments must be undertaken on olivine that contains the hydrated defects appropriate for the part of the mantle being investigated. Walker et al. (2007) discuss the intricacies of the four different mechanisms by which hydrogen can be incorporated into the crystal structure of olivine. Although this topic extends beyond the scope of this paper, establishing the abundance, distribution and role of water in the asthenosphere is clearly of fundamental significance to understanding the nature of the LAB beneath cratons.
Conclusions
Thermobarometry of mantle xenoliths and xenocrysts entrained in kimberlite provide a stratigraphic framework for studies of the mantle lithosphere beneath three Archean regions (the Kaapvaal craton, the Slave craton and the Fennoscandian Shield) and provide minimum thickness estimates for the thermal boundary layer (170-245 km), but only indirect constraints for interpretation of the nature of the lithosphere-asthenosphere boundary. In northern Lesotho, a lithospheric 'type' section is defined by coarse-textured xenoliths with strongly depleted composition that cluster along a 40 mW/m 2 conductive geotherm. A subset of northern Lesotho xenoliths record unique supra-adiabatic temperatures at 53-61 kbar (200-230 km depth), interpreted to result from advection of asthenosphere-derived melts and heat into the TBL. Near Kimberley, the Frank Smith kimberlite hosts deformed, high-temperature peridotites with depleted composition. These samples record transient thermal disturbances, but also lack asthenospheric composition and isotopic characteristics. The cratonic mantle underlying the Lac de Gras kimberlites in the central Slave craton, Canada is compositionally layered. Here, depleted peridotite exists throughout the section to the deepest levels represented, with no trace of FO89 asthenospheric olivine compositions even at temperatures close to the adiabat. In Finland, xenoliths from close to the margin between the Archean Karelian craton and Proterozoic Svecofennian belt are dominated by lherzolitic olivine with depleted FO91 to FO93 composition. No asthenophere is apparent in a mantle section that extends to near-adiabatic temperatures at pressures up to ∼65 kbar (∼245 km). Taken together, xenolith and xenocryst suites from these three cratons suggest that xenolith thermobarometry techniques tend to underestimate the depth extent of time-averaged petrologic lithosphere, due in part to the prevalence of deep-seated thermal and compositional disturbances attending kimberlite magmatism.
Present-day differential motion between the lithosphere and asthenosphere is accommodated by mantle creep. Based on recently revised olivine creep parameters (Korenaga and Karato, 2008) and assuming an average grain size of 1 cm, consistent with coarse textures observed in cratonic xenoliths, the dominant deformation mode near (and beneath) the LAB is expected to be dislocation creep. In contrast to diffusion creep, this mechanism leads to a latticepreferred orientation that may be observed as seismic or electrical anisotropy that will overprint any older fabrics. Under dry conditions in the lithosphere and asthenosphere, the LAB is thermally controlled and diffuse in character. A uniform shear stress of more than 2 MPa (20 bars) is required, and most of the differential motion between the lithosphere and asthenosphere is accommodated within a ∼ 50 km thick region of high strain rate in the asthenosphere. Under "damp" conditions (C OH N 100 ppm) the LAB is mainly regulated by water content and appears to be more abrupt in character. The required stress level falls to b 0.5 Mpa (5 bars), and differential motion is accommodated within a broad asthenospheric zone that extends from the LAB to the top of the mantle transition zone.
Velocity models derived from surface-wave studies give some indication of the transition from lithosphere (characterised as a lid of anomalously high shear-wave velocity) to asthenosphere, but are unable to resolve sharp discontinuities directly. In the absence of a clear LAB signal, a variety of proxy estimates for lithospheric thickness is used, most commonly based either on negative velocity gradients at the base of the lithospheric lid or the convergence of the seismicvelocity profile with that of global reference models. Where depthdependent seismic anisotropy has been studied using surface-wave data, it has been possible to interpret the presence of a "mechanical" LAB, based on craton/continent-wide organization of azimuthal anisotropy. S-receiver functions have the potential to resolve the seismic LAB with higher resolution than surface waves, but have yet to be applied in many cratonic settings. Available data from southern Africa suggest that the seismic LAB beneath cratons is more diffuse than in other tectonic settings.
The electrical LAB is manifested as a significant reduction in electrical resistivity, from the lithosphere into the asthenosphere. The thickness of the resistive lithosphere is relatively well determined by magnetotelluric (MT) observations. Previous compilations have demonstrated that the electrical asthenosphere is in good agreement with seismically-defined low-velocity zones (e.g., Calcagnile and Panza, 1987; Praus et al., 1990; Jones, 1999) . Based on laboratory studies of electrical conductivity in mantle rocks, this change in conductivity at the LAB may be explained by either partial melt or the presence of small amount of water in the mantle. The amount of water in the mantle remains a hotly debated topic.
For the three studied cratons, the depth of the electrical LAB is found to vary from ∼ 205 km (minimum for Fennoscandia) to as much as 230 km (Kaapvaal). These depth estimates are generally consistent with lithospheric thickness derived from mantle creep modelling and available constrains on thickness of the TBL based on xenolith thermobarometry (Table 2) . Current seismic depth estimates exhibit a greater degree of scatter, probably reflecting the subtle character of the seismic LAB beneath cratons. Nevertheless, the overall agreement obtained using different proxies provides encouragement that effective geophysical tools exist to map the elusive LAB beneath cratons.
